The balance of evidence suggests that oxygenic photosynthesis had evolved by 3.0-2.7 Ga, several 7 hundred million years prior to the Great Oxidation ≈2.4 Ga. Previous work has shown that if oxygenic 8 photosynthesis spread globally prior to the Great Oxidation, this could have supported widespread 9 aerobic ecosystems in the surface ocean, without oxidizing the atmosphere. Here we use a suite of 10 models to explore the implications for carbon cycling and the Great Oxidation. We find that recycling 
The observed Mass Independent Fraction of Sulphur isotopes (MIF of S) until at least 2.45 Gaof first clarifying our understanding of the key biological and chemical controls on oxygen and 123 methane through the Great Oxidation transition. Finally, we return to the ocean models to test the 124 hypothesis that aerobic methanotrophy was responsible for isotopically very light Late Archean 125 kerogens (Hayes, 1983; Hayes, 1994) . This leads into a discussion of the potential for spatial 126 concentration of aerobic methanotrophy in shelf/slope upwelling regions and/or microbial mats, the 127 effects of additional redox shuttles (such as via sulphate), and the overall implications of our results 128 for controls on oxygen and methane concentrations before and after the Great Oxidation. 129
Materials and Methods 130
Figure 1 shows a schematic of the key processes considered in our modelling. We use a hierarchy of 131 models to cover the wide range of space and timescales. To account for the spatially and seasonally-132 variable effects of potentially widespread early aerobic ecosystems, we extended the representation 133 of biogeochemistry in the MITgcm ocean general circulation model to include methane cycling. We 134 used the results of the GCM to inform the construction of a spatially-resolved box model utilising the 135 same biogeochemical scheme. Then we used this ocean box model together with an existing model 136 of the atmospheric redox balance (Goldblatt et al., 2006) 
Marine biogeochemistry 153
Oxygenic photosynthesis limited by a single nutrient (P) is represented by 154 CO 2 + H 2 O + xP + h → CH 2 O(xP) + O 2 155 where x = 1/r c:p and r c:p is a 'Redfield ratio' of carbon to phosphorus in marine phytoplankton 156
biomass. 157
Aerobic respiration results in a null cycle with no net oxygen production: 158
The remaining biomass carbon EP (export production) is exported to anoxic deeper waters with a 160 balancing net O 2 release in the surface ocean. EP is remineralized by fermentation and 161 methanogenesis (in the absence of alternative electron acceptors in the low sulphate Late Archean 162 environment), producing isotopically light methane: 163 CH 2 O(xP) → 0.5CO 2 + 0.5CH 4 + xP. 164
Upwelling methane may then come into contact with surface O 2 and be consumed by aerobic 165 methanotrophy. We define a methanotroph growth efficiency g m (biomass produced divided by 166 methane consumed) such that the stoichiometry is given by the combination of biomass production 167 and energy releasing reactions: 168
hence the overall methanotroph stoichiometry is given by: 170
The isotopic composition of the net organic carbon flux to anoxic deep waters and to sediments is 172 then determined by the relative proportion of methanotroph and autotroph sinking biomass, henceis dependent on the fraction of methane captured by methanotrophs and the methanotroph growth 174 efficiency (Hayes, 1983; Hayes, 1994) . 175
The remaining oxygen and methane then support a balanced flux escaping to the atmosphere, f bal = 176
The marine biosphere reaches equilibrium on an ocean circulation timescale on the order of 10 4 yr 178 hence (for the GCM) we assume it is in steady-state relative to tectonic or evolutionary forcings. 179
Atmospheric redox balance 180
Biosphere/geosphere inputs into the atmosphere are represented by two control parameters: the 181 balanced flux of oxygen and methane escaping the ocean, f bal , and the oxygen-independent part of 182 overall Earth surface reductant input f surf (i.e. not including the oxygen sensitivity of oxidative 183 weathering). f bal is mostly consumed by atmospheric photochemical oxidation with net reaction: 184
with a non-linear dependency of the reaction rate on atmospheric oxygen concentration due to the 186 formation of the ozone layer (Goldblatt et al., 2006) , and a fast equilibration timescale, on the order 187 of 10 2 yr. 188
The oxidation state of the atmosphere is determined by net oxidant and reductant budgets. A small 189 fraction of export production (f Cburial ≈10 13 
To separate the dynamics of atmospheric oxygen and methane from the tectonically and biologically 200 driven inputs, we separate surface oxidation into time-dependent and oxygen-sensitive components 201 f ox (t, pO 2 ) = f oxt (t) + f oxfb (pO 2 ), define a summary flux f surf (t) = f met (t) + f mantle (t) -f Cburial (t) + f oxt (t), and 202 rewrite as: 203
(1). 204
Here f surf (t) represents any time-dependent imbalance between carbon burial f Cburial , metamorphic 205 and mantle inputs, and oxidation f ox , treated as an exogenous driver of the system. f oxfb is a 206 parameterization of any oxygen-dependence of carbon burial and oxidation rates. The timescale for 207 equilibration of atmospheric oxygen is long (≈10 6 yr), hence we explicitly consider the dynamics and 208 stability driven by a combination of stochastic forcing from changes in the carbon burial rate, and 209 slow secular change in f mantle . 210
Time-dependent solutions were derived by integration using a variable-step size Runge-Kutta 211 algorithm (as implemented by the Matlab ode23 function) and steady-state solutions were derived 212 by integrating to convergence. Table   228 A-3 and Fig. A-9 ).
229
The primary controls on EP are nutrient supply via the combination of nutrient concentration and 230 the ocean circulation, and seasonal light limitation at high latitudes. GCM and box model simulations 231 (Figure 2 and Supplementary Fig. A-9 (Fig 2A) and nutrient levels are also uncertain (Konhauser et al., 2007) , but even 239 nutrient levels as little as 10% of present provide sufficient productivity to support an aerobic 240 Supplementary Fig A-12) . 241
NPP is a less well constrained multiple of EP, as a result of surface-ocean recycling in the microbial 242 loop. This recycling increases predicted NPP (and hence oxygen production) relative to export 243 production by at least a factor of 3 in the contemporary ocean (Laws et al., 2000) . Bacterial aerobic 244 growth has been demonstrated down to nanomolar oxygen concentrations (Stolper et al., 2010) , 245
with the limiting concentration close to the cellular diffusion limit. We therefore assume that aerobic 246 heterotrophic carbon and nutrient cycling in a microbial loop would have operated with an efficiency 247 at least comparable to that in present-day ecosystems, and potentially larger (limited ultimately by 248 light availability) given the absence of eukaryotic predation to package large sinking particles. 249
Changing the depth dependency of nutrient recycling, such that nutrients are recycled aerobically at 250 shallower depths in a prokaryote-dominated world increases NPP. However, as this cycling produces 251 and consumes oxygen in equal measure it leaves EP and hence [O 2 ] s and balanced fluxes unchanged 252 (Supplementary Table A 
Effect on the Great Oxidation 311
The two existing models for the Great Oxidation transition while demonstrating the same overall 312 redox control on atmospheric oxygen, and highly non-linear response, differ in the assumed 313 biosphere methane/oxygen balanced flux, and in the driving mechanism included. The model of 
333
We first consider the steady state solutions for atmospheric oxygen concentration ( Figure 5A ). The 334 high balanced-flux case (Goldblatt et al., 2006 ) produces a broad region of bi-stability for O 2 ,whereas with our revised estimate including aerobic recycling in the surface ocean, the bi-stability is 336 eliminated leaving a sharp non-linear transition. 337
The non-linearity of the atmospheric transition is due to the effect of the formation of the ozone 338 layer on the atmospheric photochemical methane oxidation rate (Claire et al., 2006; Goldblatt et al.,  339   2006 ). There is a positive feedback regime in which as the ozone layer starts to form, this suppresses 340 oxygen consumption, accelerating ozone accumulation, and this tends to separate low and high 341 stable states for oxygen. However, the degree of bi-stability or hysteresis also depends on the 342 strength of the negative feedback involving hydrogen escape to space (an oxygen source). This is 343 particularly important in the high oxygen state: if some factor tends to reduce the oxygen 344 concentration, this generates a counterbalancing increase in methane concentration and hydrogen 345 escape, which resists the initial change. With a lower balanced flux of methane and oxygen, the 346 methane concentration and hydrogen escape rate are lower, hence the negative feedback is weaker. Great Oxidation, the atmosphere is in a stable, steady-state regime with methane level set by a 380 balance between reductant input and hydrogen escape, hence the two scenarios show the same 381 methane concentration. Oxygen is a trace gas, with concentration is set to balance oxygen input and 382 atmospheric oxidation, and is therefore lower in the lower balanced flux scenario. (ii) During the 383 transition to an oxic atmosphere, the atmosphere is in a non-steady state with falling methane and 384 rising oxygen levels, and methane/oxygen balance is controlled by the short-timescale atmospheric 385 methane oxidation process. As oxygen levels rise, methane levels must drop and 386 pass through a minimum at pO 2 ~ 10 -5 atm (Fig A-3) (Hayes, 1994) . However, realistic methanotroph growth 417 efficiencies are g m < 0.5, and the fraction of export production reprocessed via methanotrophy is 418 further reduced by spatial/temporal imbalances between export production and methanotropy, and 419 by atmospheric escape. 420
The combination of these factors in our models leads to predictions of  waters and on the land surface were major players in the cycling of oxygen and methane. 474
Cyanobacterial phylogeny suggests a freshwater origin for oxygenic photosynthesis (Blank and  475 Sánchez-Baracaldo, 2009), consistent with the interpretation that it was occurring in shallow water 476 lacustrine or estuarine environments, recorded in the Tumbiana formation at 2.72 Ga (Buick, 1992) . 477
These same 2.72 Ga sediments host the most negative  Table 2 ). Formation, Western Australia) (Zerkle et al., 2012) . This was interpreted as the result of transiently 503 increased biogenic methane production increasing both methanotropy, and atmospheric methane 504 concentration leading to the formation of organic haze with corresponding changes in atmospheric 505 sulphur exit channels. 506
However, we find in our atmospheric model that an increase in balanced flux -nominally due to an 507 increase in productivity, methanogenesis and methanotrophy -leaves atmospheric pCH 4 unchanged 508 and increases pO 2 (and in fact would be likely to also generate increased carbon burial hence reducepCH 4 ). In contrast, an increase in reductant input -plausibly driven by a tectonic volcanic or 510 metamorphic perturbation -increases pCH 4 and reduces pO 2 . We therefore suggest that 511 correlations between  13 C org and sulphur MIF are more likely to be the result of tectonic 512 perturbations, with a reductant input (volcanic or metamorphic methane production) increasing 513 pCH 4 , and an accompanying methane or CO 2 -driven temperature, weathering and nutrient supply 514 increase driving increased productivity and methanotrophy. 515
Proterozoic methane 516
In the aftermath of the Great Oxidation, we predict a reduction in the methane flux from the ocean 517 to the Proterozoic atmosphere to ≈1. Instead, other feedback mechanisms must have made the Great Oxidation permanent, such as landsurface oxidative weathering of nutrients fuelling marine productivity and organic carbon burial 534 (Bekker and Holland, 2012) . 535
Further work 536
The scenario of widespread oxygen oases prior to the Great Oxidation can be further tested. One 537 route would be to simulate the combined effects of our revised Late Archean oxygen and methane 538 fluxes on the MIF of S signature (Claire et al., 2014) . A potentially strong constraint on the degree of 539 oxygenation of the surface ocean could come from process-based models of sulphur species 540 oxygenation in the water column (Halevy, 2013) . 541
Our results demonstrate that quantitatively representing carbon, oxygen and methane cycling within 542 the marine environment is key to both interpreting the organic carbon isotope record, and to 543 understanding the evolution and stability of atmospheric composition. Future work should extend 544 this approach to quantify the relationship between marine redox-sensitive proxies and the oxidation 545 state of the water column (which is only indirectly coupled to atmospheric oxidation state), to 546 include microbial mats and understand their contribution to oxygen and methane cycling, and to test 547 hypotheses for Earth-system-level feedbacks during and after the Great Oxidation, including the role 548 of climate feedbacks. 549 550
